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[1] The development of transient thermal stress in suboceanic mantle is investigated on
the basis of two-dimensional thermoviscoelastic models incorporating composite
rheology appropriate for dry oceanic lithosphere. Thermal stress is shown to be
sufficiently high to deeply fracture the coldest part of lithosphere, e.g., to the depth of at
least �30 km (and possibly down to �50 km) in 100-Ma-old lithosphere. The
release of thermal stress by tension cracking is limited to the vicinity of cracks, and the
cascade crack system is suggested to be required given the finite fracture strength of
mantle materials. Possible physical and chemical consequences of deep thermal cracking
are also discussed. The rheological evolution of oceanic lithosphere is likely to be
affected by thermal cracking and subsequent serpentinization, which introduces the
localized zones of weakness in the otherwise stiffest part of lithosphere. This localized
weakening may help to explain why plate tectonic convection, not stagnant lid convection,
operates in Earth’s mantle.
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1. Introduction

[2] The operation of plate tectonics is what distinguishes
Earth from other terrestrial planets and perhaps the most
puzzling aspect of mantle dynamics. Why convection in
Earth’s mantle gives rise to plate tectonics is not obvious
[e.g., Bercovici et al., 2000; Tackley, 2000; Schubert et al.,
2001]. The top thermal boundary layer is supposed to be
very stiff because the viscosity of silicate rocks is strongly
temperature-dependent [e.g., Weertman, 1970; Karato and
Wu, 1993]. This temperature dependency is so strong that the
so-called stagnant lid convection should be the most likely
mode of mantle convection [Solomatov, 1995] (Figure 1);
the entire surface should be covered by just one single plate,
not by a number of rigid plates as one can readily recognize
in the velocity field of Earth’s surface. In order to generate
plate tectonics, therefore there must exist some mechanism
to compensate temperature-dependent viscosity, but what
this mechanism could be is currently unresolved [e.g.,
Bercovici, 2003].
[3] At shallow depths, of course, rocks can deform by

brittle fracture, but the top thermal boundary layer is still too
strong. The yield stress envelope, as often used to discuss
the strength of lithosphere, is useful to illustrate this point.
Here, and also for the rest of this paper, I focus on the
rheological structure of oceanic lithosphere, and the term
‘‘lithosphere’’ is used to denote the top thermal boundary
layer of the convecting mantle. As the thickness of normal
oceanic crust is only �6 km, this crustal layer is neglected

for the sake of simplicity when discussing oceanic litho-
sphere. Figure 2 shows the thermal and rheological structure
expected for 100-Ma-old oceanic lithosphere. The top 50 km
is below �600�C. Because melting beneath mid-ocean
ridges dehydrates residual mantle, this shallow part of
lithosphere is expected to be dry, with CH2O

� 10 ppm
H/Si [Hirth and Kohlstedt, 1996]. This dehydrated nature of
shallow upper mantle has also been supported by a magne-
totelluric survey conducted at the East Pacific Rise [Evans
et al., 2005]. Assuming the dislocation creep of dry olivine,
therefore effective viscosity and corresponding stress are
calculated for a typical tectonic strain rate of 10�15 s�1.
Because the temperature dependency of mantle viscosity
takes the Arrhenius form, effective viscosity increases
superexponentially as temperature decreases nearly linearly
(Figure 2b). Similarly, yield stress for dislocation creep
increases very quickly with decreasing temperature, exceed-
ing 1 GPa at the depth of �45 km (Figure 2b).
[4] On the other hand, Byerlee’s rule provides the min-

imum yield stress for brittle failure, which quickly increases
with depth, exceeding 1 GPa at the depth of �10 km in
case of thrust faulting, with the friction coefficient of 0.8
[Byerlee, 1978]. Note that Byerlee’s rule, which is relatively
insensitive to lithology as well as roughness, constrains the
stress supported by frictional sliding, and thus this stress is
scale-independent. This should not be confused with frac-
ture strength. Fracture strength depends on the size of
intrinsic flaws, so larger samples would break more easily
than smaller samples. Byerlee’s rule determines the stress
that can be supported by pervasively fractured rocks,
providing the lowest possible fracture strength [e.g., Scholz,
2002]. Therefore, for the depth range of 10–45 km, oceanic
lithosphere of this age is too stiff to be deformed by any
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reasonable tectonic stress, resulting in a fatal bottleneck for
the operation of plate tectonics. Material strength between
brittle failure and plastic creep could be considerably
weaker than suggested by the simple combination of
Byerlee’s rule and ductile flow law as done in the above,
but the currently available estimate suggests that yield
strength for this ‘‘semibrittle’’ regime is still on the order
of 600–800 MPa [Kohlstedt et al., 1995].
[5] It is known that the self-consistent numerical model-

ing of plate tectonics (i.e., plate tectonics naturally arising
from buoyancy distribution and given rheology, not im-
posed by boundary conditions) is impossible with such high
yield stress [e.g., Moresi and Solomatov, 1998; Richards et
al., 2001; Solomatov, 2004]. In all of previous attempts to
simulate plate tectonics in a self-consistent fashion, there-
fore mantle rheology is modified in one way or another
(e.g., by reducing the friction coefficient by an order of

magnitude [e.g., Moresi and Solomatov, 1998]) so that the
maximum yield strength is limited to�100 MPa (Figure 2c).
This approach may be defendable because the study of the
San Andreas fault has suggested that Byerlee’s may not be
applicable at crustal scales [e.g., Lachenbruch and Sass,
1980; Scholz, 2000]. Byerlee’s rule, however, appears to be
valid well beyond laboratory conditions [Brudy et al., 1997;
Scholz, 2002], and even if the San Andreas fault were weak
for some reasons, the same argument may not apply to
oceanic lithosphere for two reasons. First, the thickness of
continental crust around the San Andreas fault is �30 km,
considerably thicker than normal oceanic crust, and because
of this, the yield stress profile expected for continental
lithosphere is substantially subdued [e.g., Kohlstedt et al.,
1995]. Second, the friction coefficient could be lowered by
assuming the presence of water, which is reasonable for
continental crust, but not for oceanic lithosphere. Whereas

Figure 1. Two contrasting styles of mantle convection: (a) plate tectonic convection, in which the top
thermal boundary layer is continuously recycled back to the mantle, and (b) stagnant lid convection, in
which the entire surface is one immobile rigid plate.

Figure 2. Thermal and rheological structure of oceanic lithosphere 100 Ma after its creation at mid-
ocean ridge. (a) Thermal profile according to half-space cooling. (b) Effective viscosity for dislocation
creep for dry olivine [Karato and Jung, 2003], for the strain rate of 10�15 s�1. (c) Corresponding yield
stress envelope. Brittle yield stress according to Byerlee’s rule is based on optimal thrust faulting [e.g.,
Turcotte and Schubert, 1982] with the friction coefficient of 0.8 (solid) and 0.08 (short-dashed). Effect of
hydrostatic pore pressure is also shown (long-dashed).
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continental crust contains about 1 wt% H2O on global
average [e.g., Wedepohl, 1995], oceanic lithosphere is very
dry because of dehydration upon melting as noted earlier.
Rehydration by hydrothermal circulation is possible, but its
depth extent is not well constrained and is usually believed
to be limited to top several kilometers at most [e.g.,
Gregory and Taylor, 1981; Eiler, 2001] As recently pro-
posed by Ranero et al. [2003], plate bending near a
subduction zone may pervasively fault and thus hydrate
oceanic lithosphere potentially to substantial depths, but
this process could occur only when subduction is already
ongoing. What is needed for the self-consistent generation
of plate tectonics is, on the other hand, a mechanism to
initiate subduction [e.g., McKenzie, 1977]. As the history of
continental aggregation indicates, the continuous operation
of plate tectonics probably demands a mechanism to
convert passive margins to active margins [e.g., Kemp
and Stevenson, 1996; Regenauer-Lieb et al., 2001]; other-
wise, the closure of ocean basins would require fairly
convoluted tectonics. The Cenozoic history of plate tecton-
ics indicates that the initiation of subduction is likely to
have been forced by other ongoing plate tectonic processes,
utilizing the preexisting zone of weakness such as spread-
ing ridges and transform faults [e.g., Gurnis et al., 2004;
Schellart et al., 2006], but I note that modern geological
records are fundamentally biased to the dispersal (as
opposed to aggregation) mode of continents. The need of
passive margin collapse to close large ocean basins may be
debatable, and Stern [2004], for example, argues against it
on the basis of previous geodynamical studies that suggest
that old oceanic lithosphere is too strong to fail [e.g.,
Cloetingh et al., 1989]. This very notion of strong oceanic
lithosphere is, however, what is reassessed in this paper.
The closure of the Iapetus (proto-Atlantic) Ocean [e.g.,
Wilson, 1966] is difficult to explain without calling for
passive margin collapse, and as far as the spontaneous
initiation of subduction is concerned, there is no known
mechanism to introduce water into oceanic lithosphere
down to the depth of a few tens of kilometers.
[6] The strength of oceanic lithosphere remains as a free

parameter, which is varied more or less arbitrarily (with
different degrees of sophistication) to create plate tectonic
convection in numerical models [e.g., Gurnis et al., 2004;
Stein et al., 2004]. As previous studies demonstrated,
whether or not plate tectonics could take place is very
sensitive to the assigned yield strength; moving from plate
tectonics to stagnant lid convection requires a change in
maximum yield strength of only 20 MPa in some cases [e.g.,
Richards et al., 2001]. How to weaken oceanic lithosphere
is a key issue in the generation of plate tectonics, because
one cannot even discuss other issues such as ‘‘plateness’’
[Weinstein and Olson, 1992] and poloidal-toroidal partition-
ing [Hager and O’Connell, 1978] if Earth is trapped in the
mode of stagnant lid convection. If low yield strength is
required for plate tectonics, it is important to explain how
such condition can be achieved by considering tangible
physical processes. Going beyond, assuming low yield
strength is particularly important if one is interested in
deriving the heat flow scaling law of plate tectonics, which
plays a critical role in reconstructing the thermal evolution of
Earth [e.g., Conrad and Hager, 1999; Korenaga, 2003,
2006]. The maximum yield strength of oceanic lithosphere

may not be a constant in Earth’s history, and predicting the
yield strength from first principles is essential to investigate
the initiation and evolution of plate tectonics.
[7] As a step toward resolving this problem of lithospheric

strength, I present a new working hypothesis based on
thermal stress accumulation, which has a potential to sub-
stantially weaken the otherwise stiffest part of oceanic
lithosphere. Thermal stress is caused by elastic response to
a change in temperature. The thermoelastic constitutive
relation can be expressed as

sij ¼ dijlekk þ 2meij � 3dijalKdT ð1Þ

where sij and eij are stress and strain tensor components,
respectively, dij is Kronecker’s delta, l and m are Lamé’s
elastic constants, al is linear thermal expansivity, K is bulk
modulus, and dT is temperature difference from some
reference temperature, i.e., dT = T � T0. The summation
convention is assumed for repeated subscripts. The strain
tensor is defined in terms of the displacement vector as
eij = (ui,j + uj,i)/2. The last term on the right hand side of
equation (1) represents thermal stress. With al of 10�5,
K of 100 GPa, and temperature drop of 1000 K, thermal
stress can be on the order of 1GPa, which is much
higher than typical tectonic stress. Of course, viscous
relaxation can dissipate this thermal stress, but if
lithosphere is so strong due to temperature-dependent
viscosity, it may also be able to accumulate enough
thermal stress, which could in turn result in fracturing
and hydrating the coldest part of oceanic lithosphere. To
assess the plausibility of this hypothesis, I conduct the
viscoelastic analysis of thermal stress accumulation in
cooling oceanic lithosphere. Thermal cracking and its
interaction with stress accumulation are also quantified
by explicitly modeling the development of tension
cracks.
[8] The consideration of thermal stress is not new in

marine geophysics. There have been a number of studies on
thermal stress in oceanic lithosphere [e.g., Turcotte and
Oxburgh, 1973; Parmentier and Haxby, 1986; Wessel,
1992; Sandwell and Fialko, 2004], but most of their con-
clusions appear to be questionable, owing to the use of
unlikely physical assumptions, improper boundary condi-
tions, or the crude treatment of mantle rheology. Therefore
I begin with presenting a theoretical formulation in some
details. Modeling results then follow, based onwhich previous
studies on thermal stress are discussed. Finally, the implica-
tions of estimated thermal stress and resultant cracking are
explored in terms of the rheological evolution of oceanic
lithosphere, together with possible observational tests.

2. Theoretical Formulation

2.1. Governing Equations

[9] A detailed account of viscoelastic thermal stress
analysis is available from Boley and Weiner [1960], so only
a brief summary is given here. First of all, the following
momentum balance must always hold:

sij;j þ fi ¼ 0; ð2Þ

where fi denotes the external body force per unit volume. In
this study, I set fi = 0, as the focus of this study is on
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perturbations caused by thermal stress, not on the reference
(prestressed) state itself. The effect of gravity appears only
in boundary conditions. Noting that only deviatoric stresses
are subject to viscous relaxation, the stress and strain tensors
are decomposed into the isotropic and deviatoric compo-
nents as

s ¼ sii=3; ð3Þ

e ¼ eii=3; ð4Þ

sij ¼ sij � dijs; ð5Þ

eij ¼ eij � dije: ð6Þ

[10] As the isotropic stress-strain relation is always purely
elastic, it follows from equation (1) that

s ¼ 3Ke� 3alKdT : ð7Þ

[11] For the deviatoric stress-strain relation, I assume the
Maxwell body so that

_eij ¼
1

2m
_sij þ

1

2h
sij; ð8Þ

where the dot denotes (material) differentiation with respect
to time and h is viscosity. Using equations (5)–(7), this may
be arranged as

_sij þ
m
h
sij ¼ 2m _eij þ 3dij l _e� alKd _T þ K

m
h

e� aldTð Þ
� �

: ð9Þ

[12] Together with equation (2), this constitutive equation
for the Maxwell body forms a foundation for the viscoelas-
tic analysis of thermal stress. For the shallow upper mantle,
both l and m are assumed to be 60 GPa, which corresponds
to Young’s modulus of 150 GPa and the Poisson ratio of
0.25. The bulk modulus is then 100 GPa as K = l + 2m/3.
The linear thermal expansivity is one third of volume
thermal expansivity, and I adopt the value of 10�5 K�1.
[13] The viscosity is evaluated through the following

composite rheology model for Earth’s mantle:

h ¼ sII= _ef þ _es þ _ep
� �

: ð10Þ

where sII denotes the second invariant of the deviatoric
stress tensor, and _ef, _es, and _ep are strain rates for diffusion,
dislocation, and Peierls creep mechanisms, respectively. As
only the shallowest upper mantle is involved, the influence
of the activation volume is neglected here. Flow laws for
these creep mechanisms are specified as follows:
[14] Diffusion creep

_ef ¼ _ef ;dry þ _ef ;wet; ð11Þ

_ef ;dry ¼ Af ;drysIId
�p exp �Hf ;dry=RT

� �
; ð12Þ

_ef ;wet ¼ Af ;wetC
rf
H2O

sIId
�p exp �Hf ;dry=RT

� �
; ð13Þ

with Af,dry = 1.58 � 109 (s�1 MPa mmp), Af,wet =
106 (s�1 MPa mmp), rf = 1, p = 3, Hf,dry = 375 kJ mol�1,
and Hf,wet = 335 kJ mol�1 [Hirth and Kohlstedt, 2003]. The
water concentration CH2O

is in units of ppm H/Si, the grain
size d is in microns, sII is in MPa, R is the universal gas
constant, and T is absolute temperature.
[15] Dislocation creep

_es ¼ _es;dry þ _es;wet; ð14Þ

_es;dry ¼ As;drysn
II exp �Hs;dry=RT

� �
; ð15Þ

_es;wet ¼ As;wetC
rs
H2O

sn
II exp �Hs;wet=RT

� �
; ð16Þ

with As,dry = 1.26 � 106 (s�1 MPa�n), As,wet = 3.63
(s�1 MPa�n), rs = 1.2, n = 3, Hs,dry = 510 kJ mol�1, and
Hs,wet = 410 kJ mol�1 [Karato and Jung, 2003].
[16] Peierls creep

_ep ¼ Ap exp � Hp

RT
1� sII

sP

� �2
" #

; ð17Þ

with Ap = 5.7 � 1011 s�1, Hp = 536 kJ mol�1, and sP =
8.5 � 103 MPa [Goetze and Evans, 1979]. Note that this
formula is valid only when sII >200 MPa. For stresses
below this threshold, _ep is set to zero.
[17] For the evolution of the temperature field, half-space

cooling [e.g., Carslaw and Jaeger, 1959, p. 59] is adopted:

THSC t; zð Þ ¼ Ts þ T0 � Tsð Þ erf z

2
ffiffiffiffiffi
kt

p
� �

; ð18Þ

where Ts is the surface temperature (273 K), T0 is initial
mantle temperature (1573 K), k is thermal diffusivity
(10�6 m2 s�1), t is time, and z is a vertical coordinate
originated at the surface.

2.2. Model Geometries and Boundary Conditions

[18] Two complementary plane strain models are consid-
ered: ridge-parallel cross section (Figure 3, case A) and
ridge-normal cross section (Figure 3, case B). The ridge-
parallel model aims to track the temporal evolution of
thermal stress, with or without crack growth. On the other
hand, the ridge-normal model is designed to obtain a quasi-
steady state solution for thermal stress distribution in the
case of no crack growth. My emphasis is on the ridge-
parallel model because, as suggested later by the ridge-
normal model, the results of the ridge-parallel model are
probably applicable to ridge-normal crack growth as well.
As these models are two-dimensional, only very simple
planforms of crack formation can be treated.
[19] The ridge-parallel model assumes the one-dimen-

sional temperature field of half-space cooling, T(t, z), at
any given time (equation (18)). The top boundary is free
surface, and the vertical displacement and the horizontal
traction are set to zero at the bottom. The horizontal
displacement and the vertical traction are set to zero at the
left boundary. In case of no crack growth, the right
boundary shares the same boundary conditions with the left
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boundary. Stress and displacement are calculated assuming
purely elastic response (i.e., equation (1)) at t = 0, and the
subsequent temporal evolution is modeled by integrating
equation (9).
[20] The presence of a crack is modeled by unconstrain-

ing both horizontal and vertical displacements for some top
fraction of the right boundary (e.g., dashed white line in
Figure 3) and also by specifying appropriate boundary
traction. Both the left and right boundaries are the line of
symmetry, and this model is limited to equally spaced
cracks; to model cracks with a regular spacing of 100 km,
for example, the horizontal extent of the model has to be
only 50 km. The horizontal traction on the crack wall is
given by

sxxjx¼xmax
¼ rm � rwð Þgz; ð19Þ

where rm is mantle density (3300 kg m�3), rw is water
density (1000 kg m�3), and g is gravitational acceleration
(9.8 m s�2). Because gravity is not considered in the
equilibrium equation (equation (2)) and because crack space
in oceanic lithosphere is supposed to be filled with water,
the horizontal traction is equal to the difference between
lithostatic and hydrostatic pressures. The vertical traction on
the crack wall is zero, as water does not support shear stress.
[21] Crack growth is simulated by changing the length of

the unconstrained boundary according to a change in the
stress field. In fracture mechanics, the condition for crack
growth is usually discussed in terms of the stress intensity
factor or the J integral because of stress singularity at a
crack tip [e.g., Lawn and Wilshaw, 1975; Anderson, 2005].
Instead of accurately calculating the stress intensity factor
for a given crack, the following simplified procedure is used
for crack growth: a crack is extended so that stress beneath
the crack tip is always lower than the confining pressure,
(rm � rw) gz. This approximated procedure is motivated by
the work of Lachenbruch [1961], who studied the fracture
mechanics of tension cracks with the effect of gravity. He
showed that the crack growth is controlled by the following
balance in the stress intensity factor:

KQ þ Kr ¼ Kc; ð20Þ

where KQ and Kr are the stress intensity factors due to
thermal stress and confining pressure, respectively, and Kc

is fracture toughness of material under consideration. For
lithospheric-scale cracks (i.e., longer than a few kilometers),
KQ and Kr are both on the order of a few GPa m1/2 with
opposite signs (Kr is negative because confining pressure
tries to close cracks). On the other hand, the fracture
toughness of polycrystalline olivine is known to be around
1 MPa m1/2 [deMartin et al., 2004]. Thus, for the growth of
lithospheric-scale crack, the right-hand side of equation (20)
is effectively zero, and crack growth is controlled by the
balance between thermal stress and confining pressure.
[22] Crack growth modifies the stress and displacement

fields as follows:

sijjt¼tþc
¼ sijjt¼t�c

þDsij ð21Þ

uijjt¼tþc
¼ uijjt¼t�c

þDuij ð22Þ

where tc
+ and tc

� denotes times just after and before a crack
extends incrementally from some depth of zo to zn(>zo). As
this incremental crack growth takes place instantaneously
(at least in a geological sense), viscous relaxation is likely
to be unimportant, and the above changes in stress and
displacement may be calculated by using the principle of
superposition in linear elasticity [e.g., Anderson, 2005]. At
t = tc

�, the uncracked segment from zo to zn can be regarded as
cracked but closed by a hypothetical traction equal to thermal
stress. At t = tc

+, this segment is cracked and open and subject
to the confining pressure. As there is no change in the
temperature field during this instantaneous crack growth,
therefore Dsij and D uij can be calculated as the elastic
response of a thermally homogeneous medium to the
following traction on the newly created crack segment:

sxxjx¼xmax; zo<z<zn
¼ �sxxjx¼xmax ; zo<z<zn ; t¼t�c

þ rm � rwð Þgz: ð23Þ

For this calculation, traction on other parts of the boundary
is zero, and displacement boundary conditions are the
same as previously described.

Figure 3. Two model geometries used in this study. In ridge-parallel models, temperature is one-
dimensional but time-dependent. The boundary condition on the right boundary is time-dependent when
simulating crack growth. In ridge-normal models, temperature is two-dimensional, and its installment is
either instantaneous or gradual. See text for details.
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[23] The ridge-normal model also assumes half-space
cooling, but in this case, the temperature field is two-
dimensional because of horizontal plate velocity U (Figure 3).
As shown in section 3, my numerical scheme is formulated
in the framework of compressible elasticity. The steady state
distribution of thermal stress in the moving thermal bound-
ary layer cannot be modeled properly in this framework. For
the sake of discussion, however, we may still benefit from
some exploratory models, which mimic this steady state
cross section in an approximated way. To this end, I model
the evolution of thermal stress in a static viscoelastic
medium with a prescribed two-dimensional temperature
field. Two ad hoc different temperature fields are
tested: (1) the frozen mode in which temperature is time-
independent as T(x, z, t) = THSC(x/U, z), and (2) the gradual
mode with T(x, z, t) = TrmHSC(xt/(Utmax), z), where tmax

controls the rate of temperature evolution.
[24] As in the ridge-parallel model, the top boundary is free

surface, and the bottom has zero vertical displacement and
free slip. The left and right boundaries have zero horizontal
displacement and free slip. While the left boundary (i.e., just
beneath a spreading center) must have zero horizontal dis-
placement because it is the line of symmetry (note that
oceanic crust is neglected in this study, so is its accretion at
a ridge axis), there is no reason to impose zero horizontal
displacement on the right boundary. The entire plate may be
in extension or compression depending on tectonic situa-
tions. In this regard, my model should be considered as a
tectonically neutral case. A primary goal here is to investigate
how horizontal temperature gradient may affect thermal
stress accumulation in a viscoelastic medium, and this model
will prove to be sufficient for discussion.

3. Results

[25] The finite element method is employed to obtain
numerical solutions for the initial value problems as defined

above. The derivation of matrix equations for these visco-
elastic problems is given in Appendix A.

3.1. Ridge-Parallel Models

[26] The simplest ridge-parallel model is the one without
any crack growth, in which the horizontal displacement
is suppressed by having fixed vertical boundaries. I used
100 � 1 uniform elements to model this essentially one-
dimensional case with the depth extent of 100 km. For
mantle rheology, two water contents are tested: 10 ppm H/Si
(dry) and 1000 ppm H/Si (wet). The latter is believed to be
appropriate for asthenosphere. Fractional melting brings
down water content far below 10 ppm H/Si [e.g., Hirth
and Kohlstedt, 1996], but using a lower water content does
not result in stiffer lithosphere because water-independent
creep mechanisms (e.g., equation (12)) place the upper limit
on effective viscosity. Grain size is assumed to be 5 mm
[Ave Lallemant et al., 1980] for all of my calculations.
[27] The result of this model calculation for 100 Ma is

shown in Figure 4. The maximum thermal stress easily
exceeds 1 GPa all the time, and at 100 Ma, the top 40–
50 km of oceanic lithosphere accumulates thermal stress
greater than 100 MPa. Though I use the composite rheology
model incorporating diffusion, dislocation, and Peierls creep
mechanisms, the dominant deformation mechanism turns to
be usually diffusion creep. This is expected because diffu-
sion creep has the lowest activation energy. Dislocation
creep could be more efficient when stress is high, but high
thermal stress is always associated with low temperature.
Thus, even in the high stress regime, diffusion creep is most
efficient. The Peierls mechanism is never activated simply
because stress involved is just too low for this mechanism to
be dominant.
[28] Note that all of flow laws used in the composite

rheology model are for steady state deformation. Total strain
involved in thermal contraction is, on the other hand, too
small to be considered with steady state flow laws, and it

Figure 4. Ridge-parallel model with no crack growth. Snapshot of differential stress, D s(= sxx), at
(a) t = 10 Ma, (b) t = 50 Ma, and (c) t = 100 Ma. Two cases for dry mantle (solid) and wet mantle
(dashed) are shown, together with the elastic approximation with the blocking temperature (300�C (gray
dashed) and 700�C (gray)). Confining pressure is also shown for comparison (dotted).
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should be treated with transient flow laws. Because of the
paucity of experimental data, however, the transient creep of
mantle olivine is not well understood in contrast to its
steady state deformation. On the basis of theoretical con-
sideration combined with available data, Karato [1998]
estimated that effective viscosity for transient creep could
be lower than that for steady state creep by up to an order of
magnitude, because only soft slip systems have to be
invoked to accommodate small strain. This possible soften-
ing by transient creep is probably not very important for the
present thermoelastic analysis, however. As can be seen in
Figure 4, the dry and wet cases result in similar thermal
stress profiles, with only �5 km difference at most regard-
ing the depth extent. The water contents assumed for these
two cases are different by two orders of magnitude, and thus
a similar difference is expected for effective viscosity
(equations (13) and (16)). Thermal stress accumulation
in dry lithosphere with more realistic transient creep is
therefore likely to be bounded by these two similar profiles.
In the following, only dry lithosphere is considered (i.e.,
CH2O

= 10 ppm H/Si).
[29] In most of previous studies on thermal stress in

oceanic lithosphere, the viscoelastic accumulation of ther-
mal stress is approximately handled by an elastic model
with the so-called blocking temperature [e.g., Turcotte,
1974; Parmentier and Haxby, 1986; Sandwell, 1986]. That
is, thermal stress is assumed to accumulate only after
temperature falls below the blocking temperature, Tb:

DsT
ij ¼

�3dijalK T � Tbð Þ if T < Tb
0 otherwise:



ð24Þ

[30] Turcotte [1974] adopted Tb = 300�C, and later
studies tend to use higher values. The thermal stress
accumulation based on this approximation is also shown
in Figure 4 for Tb = 300�C and 700�C. It can be clearly seen
that Tb = 300�C grossly underestimates the magnitude of
thermal stress, and also that the use of the blocking
temperature, regardless of its magnitude, fails to reproduce
the depth gradient of thermal stress.
[31] The extremely high thermal stress seen at shallow

depths would not be achieved in reality, because it is well
above the brittle strength of the mantle. Crack growth has to
be incorporated in order to make model predictions more
realistic. The crack spacing of 200 km is considered first. As
will be shown, this spacing is so wide that the model is
effectively about the growth of a single crack in a horizon-
tally infinite medium. Utilizing the model symmetry
(Figure 3), the finite element model is 100 km wide and
100 km deep, with the grid interval of 1 km both horizon-
tally and vertically. The model is sufficiently deep so that
results are insensitive to the boundary condition at the base.
Modeling results indicate that thermal cracking could frac-
ture lithosphere fairly deeply, reaching the depth of �10,
�20, and �30 km at t = 10, 50, and 100 Ma (Figure 5). It is
also noted that the crack formation releases thermal stress
only locally, with the horizontal extent of stress release
being nearly proportional to crack depth. The region away
from this crack still suffers from thermal stress exceeding
fracture strength, so more narrowly spaced cracks are
considered next.

[32] The second crack model has 30-km spacing
(Figure 6). Cracks grow in a manner very similar to the
first model, with the crack depth being slightly shallower.
As expected, stress release is more pervasive. Because deep
cracks do not release stress at shallow depths very efficiently,
however, there are still shallow regions with high thermal
stress. These regions must be fractured by more narrowly
spaced shallower cracks, and the cascade crack structure
would be ideal in terms of stress release. I note, however,
even with this ideal crack system, thermal stress cannot be
completely removed. First of all, thermal stress below crack
depth is almost unchanged by crack formation (Figures 5
and 6), and this deep thermal stress is still of a significant
magnitude (a few hundred megapascals). Second, as far as
crack space is connected to overlying seawater, crack walls
are always subject to the confining pressure, (rm � rw) gz,
so thermal stress cannot fall below this pressure. The lowest
thermal stress that could be achieved by the ideal crack
system is therefore zero at the surface, increasing linearly
following the confining pressure down to some depth (e.g.,
�30 km for t = 100 Ma), and then decreasing almost
linearly to a midlithospheric depth.
[33] The above model is only applicable to crack forma-

tion perpendicular to a ridge axis. The evolution of cracks
with a different orientation may be different from this,
because lateral variations in temperature, which are absent
from the ridge-parallel model, may affect the evolution of
thermal stress considerably. In order to evaluate this effect
of lateral variations, the ridge-normal geometry is consid-
ered next.

3.2. Ridge-Normal Models

[34] As described in section 2.2, two different tempera-
ture fields, the frozen and gradual modes for this model
geometry, are used. The spreading rate is set to 2 cm yr�1,
and I test two different horizontal extents, 1000 km and
2000 km, which correspond to 50 Ma and 100 Ma,
respectively. The model domain is discretized with uniform
elements, each of which is 40-km-wide and 2-km-high.
Selected model results are shown in Figure 7. How to set up
the temperature field has a significant effect on thermal
stress, as can be seen from Figures 7a and 7b. The frozen
mode, in which the thermal boundary layer is instanta-
neously introduced, leads to excessively high thermal stress
in lithosphere (Figure 7a). This is clearly unrealistic because
viscous relaxation during the growth of the boundary layer
is not considered at all in this instantaneous setup. The
magnitude of thermal stress in the gradual mode (Figure 7b)
is similar to what is obtained in the ridge-parallel model.
This static model can only be a crude approximation to the
true steady state, and the gradual mode appears to be
sufficient for us to gain some quantitative understanding
of the ridge-normal structure. By comparing the frozen-
mode models with different widths (Figures 7b and 7c), the
right boundary seems to have little effect on the overall
structure of thermal stress.
[35] Figure 7d shows another attempt to emulate the

steady state thermal stress based on the ridge-parallel
model. I simply convert the temporal progression of
ridge-parallel thermal stress (as shown in Figure 4) to the
spatial distribution of ridge-normal thermal stress by trans-
lating time to distance using the spreading rate. The gradual
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mode model differs from this ridge-parallel-based model up
to a few hundred megapascals (Figure 7e), but these two
models are still very similar in the depth extent of finite
thermal stress (e.g., >40 km deep at 100 Ma), and the
maximum thermal stress is greater than 1 GPa in both
models at any given time. These similarities suggest that
the thermal stress evolution in the ridge-normal cross
section may well be approximated by that in the ridge-
parallel cross section. In other words, the horizontal tem-
perature gradient in the ridge normal direction could safely
be neglected when considering thermal stress at regional
scales. This may be obvious from the vertical exaggeration

used in Figure 7. The horizontal temperature gradient is
even smaller for higher spreading rates.
[36] In all of the ridge-normal models, stresses are virtu-

ally zero along the left boundary, because hot and thus low-
viscosity mantle beneath the ridge axis can dissipate thermal
stress quickly (i.e., less than a few thousand years). Note
that I did not impose this zero horizontal traction beneath
the ridge axis as a boundary condition. Though zero
horizontal traction (i.e., free-moving boundary) has often
been used for the ridge axis in the past [e.g., Haxby and
Parmentier, 1988], the left boundary must have zero hori-
zontal displacement, as it is required by symmetry. This is

Figure 5. Ridge-parallel model with 200-km crack spacing. The actual model domain spans from
�100 km to 0 km in the horizontal coordinate and from 0 km to 100 km in the vertical coordinate. The
release of thermal stress due to crack formation is limited with horizontal extent similar to crack depth,
and this model can be regarded as single crack formation in a horizontally infinite medium. (left)
Horizontal thermal stress, (middle) its horizontal average (confining pressure as dashed line), and (right)
crack opening. In Figure 5 (left), the depth extent of crack is indicated by thick dotted line, and the
contour interval is 200 MPa.
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true not only for my static model, but also for the real steady
state situation. Zero horizontal traction should emerge
naturally from viscous relaxation and should not be im-
posed as a boundary condition. When the elastic approxi-
mation with the blocking temperature was used in previous
studies, this point was usually not appreciated.

4. Discussion

4.1. Critique of Previous Studies on Thermal Stress

[37] As noted in Introduction, the consideration of ther-
mal stress in evolving oceanic lithosphere is not new. After
Turcotte and Oxburgh [1973] indicated the potential impor-
tance of thermal stress in lithospheric dynamics, thermal
stress has been studied to explain the spacing of transform

faults [Turcotte, 1974; Sandwell, 1986], to model
the ambient stress state [Bratt et al., 1985; Haxby and
Parmentier, 1988; Denlinger and Savage, 1989] as well
as the temporal evolution of fracture zones [Parmentier and
Haxby, 1986; Wessel and Haxby, 1990], and to evaluate its
role in elastic thickness estimates based on lithospheric
flexure [Wessel, 1992]. An interest in thermal stress has
been recently revived as a potential mechanism to explain
the origin of gravity rolls in the southern Pacific [Gans et
al., 2003; Sandwell and Fialko, 2004].
[38] Beyond the order of magnitude argument by Turcotte

and Oxburgh [1973], however, all of previous attempts to
model thermal stress more quantitatively are at odds with
the present study. To simplify discussion, I will focus on the

Figure 6. Same as Figure 5, but with 30-km crack spacing. The model domain spans only from �15 km
to 0 km in the horizontal coordinate, and the solution is simply repeated at the vertical lines of symmetry
for plotting purpose.
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